The continental crust grew and matured compositionally during the Palaeo-to Neoarchean through the addition of juvenile tonalite-trondhjemite-granodiorite (TTG) crust. This change has been linked to the start of global plate tectonics, following the general interpretation that TTGs represent ancient analogues of arc magmas. To test this, we analysed B concentrations and isotope compositions in 3.8-2.8 Ga TTGs from different Archean terranes. The 11 B/ 10 B values and B concentrations of the TTGs, and their correlation with Zr/Hf, indicate differentiation from a common B-poor mafic source that did not undergo addition of B from seawater or seawater-altered rocks. The TTGs thus do not resemble magmatic rocks from active margins, which clearly reflect such B addition to their source. The B-and 11 B-poor nature of TTGs indicates that modern style subduction may not have been a dominant process in the formation of juvenile continental crust before 2.8 Ga.
Introduction
Plate tectonics is a global process in which partially hydrated and dense oceanic lithosphere is recycled in long lived subduction zones. Although prevalent throughout the Phanerozoic, it is unclear whether, or to what extent, this process operated during the Archean (4.0-2.5 Ga) when mantle heat flow was higher, and the lithosphere was perhaps less differentiated (Brown, 2014; Kamber, 2015) . Critical to this debate is the interpretation of tonalite-trondhjemite-granodiorite (TTG) complexes, which make up 90 % of the preserved Archean juvenile continental crust (Martin et al., 2005; Moyen and Martin, 2012) . These low-K, high-Gd N /Yb N , I-type granitoids reflect melting of hydrous basaltic sources with residual hornblende and/or garnet (e.g., Arth and Hanson, 1975; Rapp et al., 1991) . Interpretations regarding the geodynamic setting of TTG formation are diverse and numerous (Moyen and Martin, 2012) . Several of these consider TTGs as slab melts from primitive flat slab subduction zones with a high geothermal gradient and no contribution from the mantle wedge (Smithies, 2000; Laurent et al., 2014) . Others models suggest that TTGs represent melts from thickened mafic crust produced during episodes of density-driven crustal overturning, delamination, underplating or plume activity (Smithies, 2000; Bédard, 2006; van Kranendonk et al., 2007; Kamber, 2015; Johnson et al., 2017) . Stagnant lid models (e.g., Debaille et al., 2013) provide hybrids to these 'subduction' and 'intraplate' models (Moyen and Martin, 2012) , involving plume-induced melting, as well as flux melting of the mantle during sporadic, local plate burial. Although the models differ at various levels of detail, they differ fundamentally regarding the nature of the mafic source: either it comprised deeply subducted crustal material from the Earth's surface, or it represented the lower and never-before-surfaced sections of a thickened or underplated crust.
Zircon Hf and O isotope data suggest that Archean juvenile continental crust formed by melting of enriched mafic crust extracted from a still primitive mantle, and that sediment recycling and crustal thickening occurred since the Mesoarchean (e.g., Kemp et al., 2010; Naeraa et al., 2012; Reimink et al., 2016; Roberts and Santosh, 2018) . The same is indicated by Si-O isotope data for Archean detrital zircon (Trail et al., 2018) .
These interpretations fit the observation that high 18 O/ 16 O granitoids produced by melting of surface-altered rocks are restricted to post-Archean time when recycling of such material, possibly by subduction, became prevalent (Valley et al., 2005) . Some Archean TTGs show elevated 30 Si/ 28 Si and 18 O/ 16 O values, which were interpreted to indicate chert and, by inference, subducted sediments in the source (Deng et al., 2019) . The integral Si-O isotope record of Hadean zircon and Archean TTGs indicates source contributions from a variety of supra-crustal rocks, including chemical sediments, serpentinised and silicified basalts (Trail et al., 2018; André et al., 2019) . Whether anatexis of such material requires deep burial by subduction is unclear. Moreover, Si and O may not both represent the source and its components. The elevated 18 O/ 16 O values that -together with elevated 30 Si/ 28 Si values -were taken to represent the chert component actually partly exceed those typically observed for Archean TTGs; these could reflect secondary 18 O-enrichment via low temperature alteration (Valley et al., 2005) . The Sr anomalies (Sr/Sr*) of the analysed TTGs correlate strongly inversely with 18 O/ 16 O and may thus likewise be disturbed. Strikingly, the compositions of the samples with highest Sr/Sr* values match those modelled for low degree garnet-stable partial melting of a tholeiitic source that is not contaminated by chert or other components (Deng et al., 2019) . Although Si-O data provide a unique opportunity to discern supra-crustal contributions to TTG sources (Trail et al., 2018) , their interpretation to discern the geodynamic setting of TTG formation is still controversial.
Boron analysis provides an alternative approach to characterising the TTG source. The global B cycle and B isotope systematics are well characterised and appear uniform across geologic time ( Supplementary Information, Introduction 1) . Most importantly, seawater shows a very strong long term enrichment in the heavy isotope 11 B, which is reflected in the B chemistry of subducted slabs and magmatic rocks from active margins (Ryan and Chauvel, 2014; de Hoog and Savov, 2018) . The latter is because B is partitioned into melts or fluids that are expelled from the subducting slab and feed the arc source. Due to the enrichment of B and 11 B in their source, most magmatic rocks from active margins -including adakites and modern I-type granitoids from continental arcs (Fig. 2 ) -typically exhibit higher δ 11 B values than the average continental crust (δ 11 B = -9.4 ± 0.4 ‰), or mid-oceanic ridge basalts (MORB) and the depleted MORB mantle (DMM; δ 11 B = -7.1 ± 0.9 ‰; Marschall et al., 2017; Marschall, 2018 ; δ 11 B = 1000 × [( 11 B/ 10 B) sample /( 11 B/ 10 B) SRM-951 -1]). Only in rare situations of very steep or very hot subduction do magmatic rocks occasionally include δ 11 B values that are similar to, or even lower than, that of DMM. Intense dehydration in these locations cause slab B budgets to be so low that the B signature of the arc source becomes dominated by melting of the mantle wedge (e.g., de Hoog and Savov, 2018) .
The B Signature of Archean TTGs
Boron concentrations and isotope compositions were determined for: 1) 3.78 Ga tonalite gneisses from the Isua Greenstone Belt, West Greenland; 2) ≥3.6 Ga tonalite and trondhjemite gneisses from the Acasta Gneiss; 3) 3.58 Ga tonalite gneisses from the Bastar Craton, India; 4) 2.87-2.79 Ga tonalite and trondhjemite gneisses from the Tartôq Greenstone Belt in Southwest Greenland. Whole rock materials were analysed, except for the Acasta TTG samples, which are poly-metamorphosed and exhibit altered matrices. To investigate the initial B composition of these rocks, in situ B analysis was done on pristine biotite inclusions inside igneous zircon (rationale in Supplementary Information, Introduction 2; geological descriptions in Supplementary Information, Introduction 3) .
The samples show a range of trace element compositions (Table S- 7) and comprise low and high Gd N /Yb N TTGs (Acasta, Tartôq), or high Gd N /Yb N TTGs only (Isua, Bastar; Fig. 1 ). Boron concentrations are 1.2-3.4 ppm -similar to those observed in other pristine Archean TTGs (Supplementary Information, Introduction 1). The B concentration correlates with Zr/Hf (R 2 = 0.82; Fig. 2a ), but not with B/Nb, B/La, B/Zr, Gd N /Yb N or Nb/Ta. The δ 11 B values of bulk TTG are -15.2 to -2.5 ‰ (Fig. 3 , Table S -5). The δ 11 B values correlate negatively with B concentration (R 2 = 0.73; Fig. 2a ) and Zr/Hf (R 2 = 0.75; Fig. 2b ). The meta-tonalite sample 508281 shows a similar B concentration as pristine samples, yet yielded δ 11 B values that are at least 5 ‰ higher. The δ 11 B values of biotite inclusions in Acasta zircon are -5.4 ‰ or lower, indicating negative δ 11 B values for the protolith, even when assuming the largest biotite-melt fractionation factor (Supplementary Figure 1 Trace element concentrations for the TTG samples and average TTG (Moyen and Martin, 2012) . All data are normalised to primitive mantle (PM; data in Table S -7) . Information, Analytical Methods and Data). The lowest values among this range were obtained from pristine zircon domains ( Fig. 4a-c) , whereas values above -10 ‰ were obtained for inclusions from zircon with disturbed U-Pb systematics and signs of alteration. The latter inclusions resemble biotite in the altered matrix in terms of B (Fig. 4d , Table S -5) . The dispersion in biotite δ 11 B values for single samples may thus reflect late fluid-rock interaction. The dispersion in biotite δ 11 B values for single samples may thus reflect late fluid-rock interaction and the high values among the δ 11 B range may represent 11 B enrichment from this process.
Discussion
Changes in the Zr/Hf value of tonalitic melt typically result from the crystallisation of ferromagnesian minerals (Linnen and Keppler, 2002 ) -biotite + amphibole ± plagioclase in this case, with or without garnet (Supplementary Information, Discussion) -which likewise would enrich the melt in highly incompatible B. The effects of such magmatic differentiation are clearly reflected in the B-Zr/Hf correlation ( Fig.  2a ). At chondritic Zr/Hf, TTGs are predicted to have 1-2 ppm B and a δ 11 B value of ca. -7 ‰, which resembles melts from the DMM (1.2-1.3 ppm, -7.1 ± 0.9 ‰; Marschall et al., 2017) . The δ 11 B-Zr/Hf correlation may be linked to this through the role of H 2 O. Crystallisation of basaltic and andesitic magmas is associated with the exsolution of H 2 O and other volatiles (Sisson and Layne, 1993) . Aqueous fluids in equilibrium with silicate melt preferentially incorporate 11 B, such that the more fractionated and hydrous magmas are, the lower δ 11 B values of the crystallising magmas become (Hervig et al., 2002) . The B-Zr/Hf correlation in TTGs from different terranes and with different composition (Fig. 2) shows that their mafic sourcesboth garnet-present and garnet-absent-had a similar initial B-δ 11 B-Zr/Hf signature, and evolved without the addition of externally derived B.
The low B concentrations and δ 11 B values, and their correlation with Zr/Hf, identify Archean TTGs as the differentiated magmatic products of a common mafic source that contained no detectable B from seawater or seawater-altered rocks. The TTGs differ from modern I-type granitoids from active margins; these are variably enriched in B and 11 B, independent of the degree of crystal fractionation (de Hoog and Savov, 2018) , and do not show fractionation down to the low δ 11 B values observed here (Fig. 2) . As the relevant B reservoirs appear uniform through time (Supplementary Information, Introduction 1), such a signature would be expected for any Archean arc as well -possibly even more so, considering that a contribution from the mantle wedge appears lacking (Martin et al., 2005) . A subduction origin for TTGs cannot be a priori excluded. However, this would require that slabs were dehydrated such that they lost all B from seawater-altered materials prior to melting. Such dehydration is not seen even in the warmest of modern arcs and appears inconsistent with the hydrous nature of the TTG source (Moyen and Martin, 2012) . More importantly, high geothermal gradients during the Archean would favour slab melting over slab dehydration (Martin, 1986; Moyen and Martin, 2012) , indicating that B and H 2 O would have been expelled from slabs concomitantly, not sequentially. This considered, the data appear more consistent with the TTG formation via 'intraplate' processes (Moyen and Martin, 2012) -e.g., crustal thickening, volcanic resurfacing, overturning, delamination, and stagnant lid or 'squishy lid' tectonics (Bédard, 2006; van Kranendonk et al., 2007; Hoffmann et al., 2011; Debaille et al., 2013; Kamber, 2015; Johnson et al., 2017; Rozel et al., 2017) -in which deep hydrated mafic crust with a DMM-like δ 11 B value melted under the influence of a high or unstable geotherm. The absence of an elevated 
Supplementary Introduction 1: B systematics of modern reservoirs and Archean TTGs

The modern global B cycle
Boron is highly incompatible in silicate melts and is relatively fluid-mobile compared to other elements with similar incompatibility (e.g., Nb, Pr). Elemental ratios of B over such elements are hence 'fluid indicators' that are commonly used to discern fluid additions to magmatic sources particularly in island arc settings (e.g., Ryan and Langmuir, 1993; Mohan et al., 2008) . Boron isotopes undergo equilibrium fractionation during fluid-melt and fluid-rock interaction. In both cases, the heavy 11 B isotope is preferentially incorporated into the fluid phase (Hervig et al., 2002) . Exsolution of a fluid from silicate melts, and interaction between these phases, may leave the melt depleted in 11 B. In addition, B in silicate melts appears to prefer 10 B, possibly due to its tetrahedral coordination. These effects may cause a deviation of a few per mill between the δ 11 B values of melt and the minerals that crystallise from this melt during cooling and fluid exsolution (Hervig et al., 2002) . At sub-solidus conditions, equilibrium isotope fractionation between fluids and solids, such as tourmaline, micas and clay minerals, is much stronger. As a result of these elemental and isotope fractionation effects, there are differences in the characteristic B signature of major terrestrial reservoirs ( Fig.  S-1 ). Although there is substantial overlap between these reservoirs, there are distinct differences between magmatic sources that have been fluxed by exotic 11B enriched fluids, e.g., surface waters or highly fractionated metamorphic fluids, versus sources that have not. This allows the B system to provide a useful tracer for distinguishing between sources components in specific magmatic systems (e.g., Marschall et al., 2017; Marschall, 2018) . A brief summary of the B characteristics of important terrestrial reservoirs, based on major reviews on global B systematics (e.g., Marschall, 2018; Trumbull & Slack, 2018; de Hoog and Savov, 2018) , is provided below.
Boron in seawater has a residence time of about 20 million years and is isotopically very heavy (+39.5 ± 0.1 ‰; Marschall, 2018) . The high δ 11 B value reflects the heavy isotope composition of continental run-off as well as the equilibrium fractionation of B isotopes during seafloor weathering and hydrothermal alteration. Seawater appears to have been uniformly enriched in 11 B throughout geologic time. Estimates of the δ 11 B value of Archean seawater are highly uncertain, yet are all identical to the modern-day value Geochem. Persp. Let. (2019 ) 12, 23-26 | doi: 10.7185/geochemlet.1930 within their large uncertainty (Marschall, 2018) . Their mean values are generally slightly lower, but this could be because the data are subject to downward-skewing from sample bias (de Hoog and Savov, 2018) and may represent transient states, or local oceanic basins rather than the global ocean (de Hoog and Savov, 2018) . Although data are still very limited, Archean chert from the Pilbara (c. 3.5 Ga) exhibits B concentrations that are similar to those of modern chert, which would indicate that B concentrations in Archean seawater were at least similar to that of today (Lemarchand et al., 2009 ).
SI-2
The depleted mid-ocean ridge basalt (MORB) typically show B concentrations of 1.2-1.3 ppm and δ 11 B values identical to depleted MORB mantle (DMM; −7.1 ± 0.9 ‰, Marschall et al., 2017) . Similar values are observed in ocean-island basalts (OIB), which show dispersion due to shallow assimilation of the magmas during ascent (Marschall, 2018) and possible interaction with seawater. Archean basalts and komatiites exhibit δ 11 B values that are indistinguishable from those of present-day MORB-DMM (Sobolev et al., 2016) , indicating that the B isotope signature of MORB-DMM has been uniform throughout geologic time. Relative to pristine DMM, the serpentinised oceanic mantle is rich in B (10-100 ppm) and exhibits δ 11 B values as high as that of seawater (Marschall, 2018) . Pelagic clay, chert and carbonate sediments are likewise enriched in B (49-163 ppm) and 11 B (-9 to +19 ‰; Marschall, 2018) . The δ 11 B value are generally substantially higher than those of terrigenous sediments in which clastic material from the continental crust dominates the B budget (-24 to +6 ‰; Table S-1). In aggregate, the altered oceanic lithosphere is reservoir rich in B and 11 B due to the long-term interaction with seawater.
The bulk continental crust is strongly B-enriched compared to DMM (11 ppm on average; Marschall et al., 2017) and is chemically stratified, with the upper continental crust (UCC) having high concentrations (43 ppm; Kasemann et al., 2000) and the refractory lower continental crust (LCC) being mostly B-depleted (2 ± 1 ppm; Leeman et al., 1992) . The bulk continental crust (BCC) is isotopically slightly lighter than DMM (-9.4 ± 0.4 ‰; Marschall et al., 2017) , possibly due to long-term weathering and formation of Marschall et al., 2017) . Boron isotope compositions differ slightly yet consistently between different types of granites. I-type granites, which represent juvenile magmas produced in continental arcs and Cordilleran-type active margins, are isotopically heavy (-10 to +12 ‰; Trumbull and Slack, 2018) . In contrast, S-type granites and pegmatitic rocks produced by partial melting of continental rocks rich in clay minerals and mica are generally isotopically light (-27 to -3 ‰; Table S -1; Trumbull and Slack, 2018) . Isotope fractionation during the melting to produce these rocks is not substantial; the differences in isotope values of these various granitoids largely reflect the differences in the signatures of their sources (Trumbull and Slack 2018). The consistent and resolvable differences between S-and I-type granites demonstrate the ability of B isotope analysis to discriminate between granitoids rocks formed in active margins and those produced by melting of evolved crust away from such margins.
The B systematics of subduction zones and arc magmas
The B chemistry of arc magmas and subducting slabs in intrinsically linked through the mass flux that is generated by the slab as dehydrates and melts. A detailed and comprehensive review of the B chemistry of slabs at various stages of subduction and arc magmas, in all their natural variety, is provided by de Hoog and Savov (2018) . A brief summary of the B characteristics of arcs is provided here to delineate similarities and differences relative to other crustal rock reservoirs. Arc lavas are typically strongly B enriched and show high B/Nb, B/La and B/Zr values as a result the addition of B-rich slab-derived fluids to the magmatic source (Ryan and Langmuir, 1993) . The δ 11 B values of arc lavas are typically positive and thus substantially higher than those observed for granitoids, regardless of their type. The B-and 11 B-rich signatures seen in most arcs reflect the influence of the altered oceanic lithosphere (both crust and mantle; e.g., Konrad-Schmolke and Halama, 2014; Konrad-Schmolke et al., 2016) or the serpentinised mantle wedge (e.g., Tonarini et al., 2011) . Slab-derived fluids tap from B-and 11 B-enriched oceanic lithologies within the slab and are additionally enriched in these species as a result of the equilibrium chemical and isotope fractionation that occurs during dehydration (e.g., Konrad-Schmolke and Halama, 2014; de Hoog and Savov, 2018) .
The large majority of arc lavas has δ 11 B values of 0 ‰ or higher. Still, negative values are also observed. The δ 11 B values in arc lavas decrease with increasing arc-trench distance and decreasing slab dip, independent of sub-arc slab depth or slab thermal structure. Both parameters are associated with increasing slab dehydration, which deprives the slabs of B. Slab residua are less 11 B enriched due to dehydration. This effect may not be apparent for sediments, for which unmetamorphosed and highly metamorphosed and dehydrated equivalents yield a similar range in δ 11 B values (Table S-1). For serpentinites, this effect is nevertheless very clear. Subducted serpentinites show a much larger range in δ 11 B values and include much lower δ 11 B values than are observed among serpentinite samples taken from the ocean floor ( Fig. 4 ; Table S -1). This effect could contribute to the lowering in δ 11 B values with increasing subduction. Still, the vast majority of magmatic rocks from active margins have δ 11 B values above that of DMM, which indicates that dehydrated slab residua are too B-poor to significantly influence the δ 11 B signature of any fluids that the slab may generate. Only in extreme cases are δ 11 B values of lavas only moderately elevated above MORB-DMM values. Examples are found in continental arcs where sub-arc slab temperatures are high: 1) 'hot' subduction zones such as Central Cascadia, where the slab is very young (<20 Myr old), thin and dehydrated early (-9.2 to -1.4 ‰); 2) arc termination points where slabs are enveloped in hot asthenosphere (e.g., North Kamchatka: -3.7 to +5.9 ‰), and 3) some cases of very steep subduction, such as that reflected by arcrelated dykes in the Permian Beishan Orogen (-7.7 to -4.4 ‰; values in Table S -1). The δ 11 B values of rocks in these settings are similar to those of I-type granites (Fig. 3 ). This is consistent with the general interpretation of such granites as continental arc intrusives.
The only arc-related materials that yielded δ 11 B values below -10 ‰ are primitive ultramafic melt inclusions found in olivine from primitive basaltic andesites at Mt. Shasta, northern California (-21.6 to -0.9 ‰, Rose et al., 2001) . Two of the 9 analysed inclusions yielded δ 11 B values below -10 ‰-true outliers, even among Shasta andesites (Le Voyer et al., 2010) . The B concentrations of these inclusions (c. 1 ppm) are likewise anomalously low for arc lavas. The only Cascade lavas that were found to be that poor in B are lavas from the back-arc region in southern Washington, where slab-derived contributions are minimised and δ 11 B values approach that of DMM (-7 to -9 ‰, e.g., Leeman et al., 2004) . The low δ 11 B values and B concentrations of the primitive Shasta melt inclusions were interpreted to reflect contributions from slab remnants that were almost entirely dehydrated and, as a result, extremely depleted in B and 11 B. The Cl/F values of these inclusions are consistent with this component being sediment-derived (Le Voyer et al., 2010) . It is important to note that, with H2O concentrations up to 8 wt %, the Shasta basaltic andesites are unusually hydrous (Grove et al., 2002) . The melt inclusions actually show an even higher concentration of fluid-mobile elements than the host andesite, indicating that the parental melt may have been even more hydrous than the latter. Ultimately these signatures are ascribed to a mixture between hydrous fluids and silicate melts that hybridised in the mantle and caused flux melting just below the continental Moho to produce the melt captured by the inclusions (Grove et al., 2002) . This model explains most observations for these rocks. However, fitting the B data into this model is difficult if these are considered to reflect primary source compositions. The extremely fractionated slab fragments that are argued to have caused the low δ 11 B values of the melt would need to have been thoroughly dehydrated for such values to occur (Rose et al., 2001) ; melting would need to be required for the B of these fragments to become mobilised. The large amount of aqueous fluids in the system would need to have been derived elsewhere-specifically from a source that was still very rich in H2O and, by extension, not fractionated in terms of B isotope composition. These fluids would be required not to have contributed substantially to the B budget of the melt inclusions, as the slab fragments would then be required to have had δ 11 B values lower than that of even the most fractionated of sediments observed on Earth. The fluids nevertheless contain at least twice as much B as the melt inclusions (2-3 ppm; Le Voyer et al., 2010) , which makes this scenario implausible. To further complicate this model, major element compositions of the andesites do not reflect a component of melting from slab material, refractory or otherwise (Rose et al., 2001; Grove et al., 2002) .
The primitive mantle-derived andesites at Mt. Shasta clearly provide a case that, in terms of B systematics, is exceptional and not yet fully explained. Two alternative possibilities can be provided to explain the data, both of which are not yet considered in the literature. Firstly, it is important to note that Mt. Shasta represents an unusual location in Cascadia; it lies in the direct path of the subducting Bianco Fault Zone, which separates the Juan de Fuca and Gorda Plates. It could be conceivable that, fluids that are produced late in these slabs and would, in normal cases, remain slab-bound, are able to escape to the mantle source via this zone of weakness. This may particularly apply to serpentinites, which warm up later (e.g., Syracuse et al., 2010; Walowski et al., 2015) and are known to locally develop negative δ 11 B values at such advanced stage of subduction (-12 to + 15 ‰; Martin et al., 2016) . As the lowest δ 11 B values of the Shasta inclusions are lower still, an explanation may be sought in fluid-melt interaction.
Fluid-melt isotope fractionation can be large (Kowalski et al., 2018) ; even at very high temperature the exsolution and loss of fluids from hydrous melt can cause extensive loss of 11 B and, because Kd fluid-melt (B) is close, if not equal, to 1 in basaltic systems (Hervig et al., 2002) , this process may not be associated with a resolvable B depletion. It may be proposed that the low δ 11 B values of some of the Shasta melt inclusions do not represent a particularly 11 B-depleted source component, but instead capture variably extreme degrees of fluid loss during melt ascent; a process that is already reflected in the fluid-mobile element signatures of the material (Le Voyer et al., 2010) . If this actually applies, the original B data (Rose et al., 2001) , as well as the data that has been produced since (Le Voyer et al., 2010) , could be explained entirely via mixtures between DMM and fluids derived from AOC-a much simpler and more plausible explanation than that provided above. Regardless, it is clear that the Mt. Shasta domain of Cascadia does not represent a 'normal' subduction setting and that the primitive melt inclusions found in the basaltic Shasta andesites reflect a complicated B signature that is anomalous among Shasta lavas, otherwise absent among Cascadia, and entirely unrepresentative of adakitic or other arc lavas worldwide.
The B signature of Archean granitoids-what we know so far
Although models for TTG petrogenesis involve a wide variety of settings and driving geodynamic mechanisms, these I-type granitoids are typically argued to derive from one of two sources: 1) the deep sections of thermally unstable mafic crust, or 2) mafic material that was altered at the surface and transported down by subduction or otherwise. In the case of a 'subduction' origin, TTGs may show a B signature similar to that of modern I-type granitoids and lavas from warm continental arcs. This is because 1) melting in such settings, or in very primitive versions thereof, is a possibly petrogenetic mechanism for TTG formation (Martin et al., 2005; Moyen and Martin, 2012) and 2) the δ 11 B values of two major components involved-oceanic lithosphere altered by seawater and MORB-DMM-were similar in the Archean as they are today. Links between TTGs and adakites have been made on the basis of major-and trace-element chemistry (e.g., Martin et al., 2005) , as well as O isotopes (Bindemann et al., 2005) , although this link is questioned (Smithies, 2000) and melting of MORB-like or otherwise mafic sources in settings other than active margins could equally explain the data (e.g., Moyen and Martin, 2012; Johnson et al., 2017) . One aspect in which either would certainly be different is that, unlike with adakites, TTGs do not reflect a component of a mantle wedge (Smithies, 2005) . Whether this would have any effect on B systematics is highly questionable, because of the very low B concentrations and MORB-like δ 11 B of the mantle. In the alternative models, which explain Archean TTG formation by deep garnet-stable melting of mafic crust, would predict a MORB-like B signature with low B concentrations (1.2-1.3 ppm; Marschall et al., 2017) and δ 11 B values similar to that of DMM (−7.1 ± 0.9 ‰, after Marschall et al., 2017) .
Boron isotope studies in Archean rocks have largely focused on tourmaline, specifically detrital tourmaline in Archean sediments (e.g., Chaussidon and Appel, 1997) . Very few B studies have been done on bulk Archean TTGs to investigate their petrogenetic setting. Archean granitoids rocks from various cratons were shown to exhibit low B concentrations and B/Nb values, which are similar to those of the LCC, or show very high B concentrations that exceed those typically observed in the modern UCC (Mohan et al., 2008) . The B-rich TTGs were interpreted to represent a distinct TTG subtype that, unlike other TTGs, did form in primitive subduction settings. This interpretation is nevertheless not entirely certain, because the nature and setting of these rocks, and the interpretation of their high concentrations of B and other fluid-mobile elements (Li, Be, and As) as tracing slab-derived fluids is not unique. The high concentrations were observed only in rocks from the Abitibi Greenstone Belt in Ontario and in the Eastern
Supplementary Introduction 2: Sampling and analytical strategies
The samples analysed in this study are: 1) 3.78 Ga tonalite gneisses from the Isua Greenstone Belt, Itsaq Gneiss Complex, West Greenland; 2) ≥3.6 Ga tonalite and trondhjemite gneisses from the Acasta Gneiss; 3) 3.58 Ga tonalite gneisses from the Bastar Craton, Central India; 4) 2.87-2.79 Ga tonalite and trondhjemite gneisses from the Tartôq Greenstone Belt, Southwest Greenland. A description of the geological setting and age signatures of each of these suites of samples is provided as Supplementary Introduction 3. The samples provide no visible evidence for low-grade overprinting or hydrothermal alteration and their zircon grains yielded only single U-Pb age populations.
To allow further temporal and spatial coverage, >3.6 Ga tonalite and trondhjemite gneisses from the Acasta Gneiss, Canada, were subjected to B analysis. These specific samples are known to be polymetamorphic (e.g., Stern and Bleeker, 1998) . To estimate the δ 11 B value of the igneous protolith of these rocks, B isotope analysis was done in situ on biotite inclusions in seemingly primary Eoarchean zircon. Such zircon occurs as single grains with one growth zone or as cores in more complex zircon grains with core and rim structures. The analysed biotite inclusions typically show euhedral crystal shapes and are not associated with alteration or secondary phases, indicating they are primary and at least as old as their zircon host, and contain B of the igneous protolith. The work flow for this overall analytical protocol is summarised in figure S-2, and analytical methods and data for each of the applied methods is provided in Supplementary Analytical Methods and Data.
The samples analysed in bulk were chosen for their pristine nature. Nevertheless, any sub-solidus alteration may be minor and cryptic (Putnis and John, 2010) , and can never be a priori excluded on the basis of textural analysis alone. In metasomatised continental crust, such alteration typically leads to elevated δ 11 B values (Bast et al., 2014) . To investigate this effect for TTGs, we also analysed: 1) a meta-tonalite (sample 508281) from the Tartôq Greenstone Belt, which records pervasive greenschist-facies overprinting and 2) biotite from the matrix of the most strongly altered samples of the Acasta Gneiss. Meta-tonalite 508281 yielded a δ 11 B value 5.1 ± 0.3 ‰ higher than pristine Tartôq tonalite. Biotite grains from the partially altered matrix of the Acasta Gneiss have four-times-higher B concentrations and up to 15 ‰ higher δ 11 B values than biotite inclusions in zircon from the same sample (Table S-4) . Likewise, biotite inclusions with lowest δ 11 B values are hosted in zircon domains that seem pristine (e.g., Fig. 4c ), whereas biotite grains yielding -10 ‰ or higher occur in zircon that shows disturbed U-Pb systematics and signs of alteration ( Fig.  4d ; Table S -4) . It is clear what kind of effect sub-solidus alteration would have on B datasets. In contrast to the Acasta Gneiss dataset, this effect may not play a significant role in the data from the TTGs analysed in bulk; correlations between δ 11 B and fluidtracer indices (e.g., B/Nb, B/Zr, B/Yb or B/La) are not observed and, instead, the samples preserve correlated δ 11 B and Zr/Hf-a correlation that any alteration would obliterate. For the Acasta biotite inclusions it can conservatively be concluded that their δ 11 B values, and the modelled whole-rock δ 11 B value obtained from these by applying a biotite-rock isotope fractionation factor (see Supplementary Analytical Methods and Data), provide maximum estimates of the protolith δ 11 B value.
Supplementary Introduction 3: Geological description and age of the TTG samples
Isua Greenstone Belt (IGB)
The IGB is part of the Eoarchean Itsaq (Amitsôq) Gneiss Complex in West Greenland, and represents a large crustal terrane with Eoarchean protoliths. The terrane comprises ancient mafic and ultramafic rocks, chemical and clastic sediments, and rocks of the TTG suite, which were variably overprinted at various times during the Archean. The IGB preserves panels of 3.75-to 3.6 Ga rocks, which are among the oldest in the region (Nutman et al., 1996; Whitehouse et al., 1999; Kamber et al., 2003; Amelin et al., 2011) .
Interpretations diverge regarding the origin of the IGB and the Itsaq Gneiss Complex as a whole. Whole-rock Sr and Nd isotope data suggest that much of the complex is juvenile and formed in an active margin setting (Moorbath et al., 1973; Bennett et al., 1993; Nutman et al., 2007) . Zircon U-Pb and Hf isotope data for IGB TTG rocks suggest, however, that they evolved from an older, possibly Hadean, source (Naeraa er al., 2012) . A comprehensive model involving crust generation and differentiation through volcanic resurfacing and density driven overturning has been proposed as an alternative to explain the complex history of the Itsaq Gneiss Complex (Kamber et al., 2005) . For the purpose of this study, two samples were selected from the IGB; both are 3.78 Ga granoblastic tonalite gneiss samples documented previously (Naeraa et al., 2012) , which show typical TTG-like REE signatures with low YbN (Fig. S-3 ). The samples were chosen because of their exceptional preservation of primary mineral assemblages; the rocks contain no evidence for sub-solidus alteration, neither in their petrological, nor in their geochronologic record. Single age populations were obtained at 3,780 ± 6 (070026) and 3,781 ± 6 Ga (070027), constraining the protolith age (Naeraa et al., 2012) . † Layers that yielded a 4.0-Ga U-Pb age component ( Fig. S-4 ) and a 147 Sm-143 Nd whole-rock date of similar age (Sprung et al., 2016) . 
Acasta Gneiss Complex (AGC)
The AGC is exposed in the western segment of the Archean Slave Craton, Northwest Territories, Canada (Bowring et al., 1989) . The terrane contains some of the oldest relics of ancient crust on Earth. It largely comprises coarsely banded gneisses of gabbroic, to TTG and granitic composition, and has been interpreted as the oldest remaining remnant of the proto-cratonic core of the Slave craton. Uranium-lead dating of zircon in various AGC lithologies provided a range of results indicating a long and complex history (4.2-3.3 Ga; Bowring et al., 1989; Stern and Bleeker, 1998; Bowring et al., 1999; Iizuka et al., 2006; Reimink et al., 2014) . Among the spectrum of ages, 3.72 to 3.60 Ga ages are most common and are taken to represent crystallization of the dominant igneous protoliths. Older ages of 4.2-4.0 Ga are obtained from lower strain enclaves of typically mafic composition (Iizuka et al., 2006; Reimink et al., 2014) . A similar result was obtained from a 147 Sm-143 Nd isochron for the samples that were analysed for B isotopes in this study (AMS030A-A, AMS030C, and AMS031A; Sprung et al., 2016) . Tonalite AMS001 and AMS031A, trondhjemite AMS027 and AMS030A-A, and granodiorite AMS039 were additionally chosen for this study, because they preserve relatively pristine highgrade mineral assemblages (Table S -2). Samples AMS030A-A and AMS030C are two layers in the same rock. All samples show REE systematics typical of TTG rocks ( Fig. S-3) . Zircon in the samples shows oscillatory, sector-zoned or patchy zoning in cathodoluminescence (CL) images.
Zircon grains from the AGC exhibit very complex U-Pb systematics, as is typical of TTG-type rocks from this complex (Stern and Bleeker, 1998) , with clear evidence for substantial discordance (Fig. S-4 ). To evaluate the age components present among the complex systematics, the following protocol was followed: 1) for samples showing a single population (partly discordant), the age was estimated from the upper intercept with the concordia curve (AMS031, AMS039); 2) for samples inheritance with multiple populations, probability density plots were constructed using all 207 Pb/ 206 Pb data. The data were split into separate populations and upper intercepts were determined. If significantly different, these intercepts were taken to represent individual components (AMS001); 3) for remaining samples, the clustering data that were >90 % concordant were used to calculate weighted-mean ages. These were calculated from the 207 Pb/ 206 Pb ages, which for such high degrees of concordance best approximate possible upper intercepts. For the remaining data that were >90 % concordant, the range of 207 Pb/ 206 Pb ages were provided ( Fig. S-4 ).
Some grains in AMS030A-A and AMS030C yielded concordant results between 3.97 to 3.89 Ga, which are identical to a 147 Sm-143 Nd isochron age obtained for these samples (Sprung et al., 2016) . This component is also reflected in a series of discordant analyses, most notably in AMS001 (n > 10). These ages demonstrate that some of the protolith of these TTG samples is similarly old as the 4.0 Ga rocks that were found among mafic enclaves in the eastern AGC (Reimink et al., 2014) . The main age population in these and other AGC samples is between 3.72 and 3.60 Ga ( Fig. S-4) . Zircon yielding such ages and showing <10 % discordance typically shows pronounced oscillatory or sector zoning, indicating a magmatic origin. For rocks having an older protolith, such zircon would thus represent a major stage of anatexis, re-melting or melt injection. Younger components are observed between 3.59 or 2.86 Ga, as well as a series of discordant results that reflect Pb loss. In contrast to pre-3.6 Ga zircon, younger zircon typically shows a spongy appearance. It is likely that these zones represent sub-solidus re-equilibration of zircon, possibly as a result of hydrothermal alteration and metamorphic overprinting. 
Bastar Craton (BC)
The BC represents one of the oldest terranes of India. The terrane lies in Central India and exposes a variety of 3.5 to 3.0 Ga rocks, including TTG and granite gneiss, felsic and mafic intrusive rocks, banded iron formation, and clastic (meta-)sediments. The BC underwent a complex history of terrane amalgamation, magmatism and metamorphism lasting well into the Neoarchean (Ramakrishnan, 1990; Naqvi, 2005; Sharma, 2009 ). The oldest fragments of continental crust found in the BC are represented by 3.58 Ga gneisses and granitoids (Sarkar et al., 1993; Ghosh, 2004; Rajesh et al., 2009) . These rocks represent a major addition of juvenile crust in the region (Maltese et al., 2017) and may share a genetic link with rocks of similar age and composition found in other Archean cratons in India (Ghosh, 2004) . In this study, we focussed on three samples of tonalitic to granodioritic composition (Table  S -2). The samples represent some of the most pristine TTG found in the region. The rocks show well-preserved TTG-like REE signatures ( Fig. S-3 ). Zircon U-Pb dating of these samples (Maltese et al., 2017) yielded concordia ages of 3,503 ± 9 (AMA01), 3,470 ± 17 (AMA03), and 3,582 ± 43 Ma (AMA04), which are identical to those of other juvenile rocks.
Tartôq Greenstone Belt (TGB)
The TGB is a supracrustal belt within the Kvanefjord Block (Windley et al., 2009) . The TGB comprises an amalgamation of tectonic panels consisting of metamorphosed basalt, gabbro, peridotite, and sediments, which were intruded by 3.0 Ga TTG complexes and folded into the Archean orthogneisses and TTG complexes of the North Atlantic Craton (Nutman and Kalsbeek, 1994; Kisters et al., 2012; Szilas et al., 2013) . The geochemical composition of mafic and ultramafic rocks indicates that these represent fragments of Geochem. Persp. Let. (2019 ) 12, 23-26 | doi: 10.7185/geochemlet.1930 oceanic crust that formed in a back-arc setting. Intrusion of the TTG-type rocks occurred when these fragments developed into a subduction-accretion complex (Kisters et al., 2012; Szilas et al., 2013; Polat et al., 2015) . Felsic mylonites within the TGB, which are compositionally similar to granodiorites of the TTG suite, are interpreted as products of basalt melting within the inferred accretionary prism (Polat et al., 2016) .
Five TTG samples were taken from the areas of the Fredrikshåb Isblink glacier (468623), Tartôq (508281) and Kvanefjord-Neria (518001, 518006, and 518008; Table S-2; Fig. S-3 ). The Fredrikshåb Isblink and Kvanefjord-Neria samples represent some of the bestpreserved TTG rocks in the area. The Tartôq sample is from a section of the greenstone belt where greenschist facies overprinting is pervasive. This is reflected in sample 508281, which contains abundant epidote, albite and muscovite. Zircon in TGB samples shows pristine oscillatory or sector zoning, or faint to no zoning in CL images. Zircon grains were subjected to U-Pb analysis as part of this study. The zircon grains from the TGB yielded U-Pb data that were consistent and largely concordant ( Fig. S-5 ). The following concordia ages were obtained: 2,842 ± 24 (468623), 2,875 ± 20 (508281), 2,835 ± 15 (518001), 2,809 ± 20 (518006), and 2,789 ± 36 Ma (518008). All the results are all identical within error and constrain the age of the protolith precisely at the very end of the Mesoarchean. 
Supplementary Discussion: Boron data comparison and implications for TTG petrogenesis
Geochemical modelling of TTG B-Zr-Hf
The co-variation of B and Zr/Hf ( Fig. 2a ) was investigated through chemical modelling of TTGs melts using minerals that are common in TTG systems (amphibole, clinopyroxene, plagioclase and garnet). The calculations were done for equilibrium (Eq. 1) and fractionation (Eq. 2) crystallization. In the equations, the concentration of a species in the evolving melt (Cl) relative to the melt starting composition (Cl 0 ) is calculated as a function of the fraction of melt remaining (F) and the coefficient of solid-melt partitioning (Kd). The calculations were done assuming a source with chondritic Zr/Hf (34.2 ± 0.3; Weyer et al., 2002) and 1.5 ppm B and using partition coefficients for basaltic systems as listed in Table S- Equilibrium and fractional crystallization of mixtures between biotite and amphibole, possibly in the presence of plagioclase, can produce the chemical fractionation trends as observed for the analysed TTGs ( Fig. S-6 
Comparison B isotope data between TTG and other terrestrial rocks
To evaluate the significance of the B data for the TTG petrogenesis, the data are compared to those observed in the global rock record. This comparison is first made using δ 11 B values, for which there are far more estimates than B concentration. Comparison between TTG (data for the Acasta Gneiss obtained from biotite data by applying and F of 1.0036 ± 0.0006; Supplementary Information) and characterised terrestrial reservoirs was done by assessing overlap and distributions of data populations. Population overlap was quantified through the parameter P50, which represents the degree of overlap between the central 50 % of the data for two populations of continuous data. The parameter is defined through Equation 3, where IQR represents the interquartile range (Q3-Q1) of population i (TTG) and the test population j, and Xn and X1 are the maximum and minimum of these populations, respectively. Values below 0 indicate that there is no IQR overlap (Q3,i < Q1,j). P50 is the overlap parameter quantifying the degree of overlap between δ 11 B values of the reference reservoir and TTG, and D is the Kolmogorov-Smirnov statistic, which provides a measure of the dissimilarity in data distribution between these. Detailed definitions of these parameters are provided in the methods section.
Populations were furthermore tested for similarity using the Kolmogorov-Smirnov (K-S) test. This is nonparametric and enables a quantitative assessment of the degree of equality between empirical distribution functions of continuous datasets. The test is based on the value of the K-S statistic D. The value of D is calculated using Equation 4, where Fm(x) and Gn(x) are the empirical distribution functions from the TTG (size n) and reference dataset (size m), respectively. Values of 0 and 1 for D indicate complete similarity and dissimilarity in terms of extremes and probability distribution, respectively. The results are shown in Figure S-7 . The number of δ 11 B values documented per study or location was not equal. To avoid population-size-dependent bias, we assessed the effect of population size by comparing the median of a reference reservoir to the mean of medians of individual datasets for that reservoir. These values do not differ by more than 2 ‰ for the igneous rocks investigated here ( 
The comparative population analysis on global δ 11 B data shows that TTGs resemble none of the igneous rock types that are produced in active or Cordilleran margin. The δ 11 B values of the TTGs are substantially and systematically lower than those of Itype granitoids, as well as adakites, let alone non-adakitic arc lavas that may reflect a stronger component of slab-derived fluids rather than melts. The differences are clear in terms of their central value, range and population distribution. This applies even when disregarding the possibility that some of the Acasta protolith δ 11 B values may be overestimated (see Supplementary Introduction 2). More insight is obtained from the available B concentration data (Table S-1). In the vast majority of cases, B concentrations of adakite are at least twice as high as observed here. Furthermore, all adakite data available so far show a positive rather than a negative correlation between δ 11 B value and B concentration. These considerations support the inference made on the basis of major-element compositions (Smithies, 2005 ) that TTG and adakite, and by extension 'normal' arc magmas, do not reflect the same petrogenetic processes and setting.
Supplementary Analytical Methods and Data
Boron isotope analysis
In situ analysis of biotite
In situ B isotope analysis of biotite inclusions preserved in zircon from the Acasta samples was done by secondary ion mass spectrometry (SIMS). The selection of biotite inclusions for B isotope analysis was done on the basis of requirements for both the biotite inclusion and its zircon host. Biotite inclusions were selected for analysis only 1) if they showed euhedral or otherwise well-developed crystal shape and were not associated with any cracks, and 2) if their zircon host grain or grain domain shows primary oscillatory or sector zoning indicative of a magmatic origin and yielded U-Pb dates that were <10 % discordant and had 207 Pb/ 206 Pb dates older than 3.6 Ga. Examples of inclusions in such zircon are provided in Figure 3 of the main text. In addition, matrix biotite grains from the altered matrix of samples AMS001 and AMS030A-A were analysed to test the effects of alteration on B isotope systematics. For the other samples, B isotope were analysed in bulk rock or biotite separates (Isua) using multi-collector inductively coupled plasma mass spectrometry (MC-ICPMS).
The B isotope analysis of biotite inclusions in zircon was done by secondary ion mass spectrometry (SIMS) at the NordSIMS laboratory, Swedish Museum of Natural History, Stockholm, using a CAMECA IMS-1280 large-geometry SIMS instrument. The analytical protocols closely followed those described previously (Deegan et al., 2016) . An aperture-illuminated, 6-nA O 2-primary beam with incident energy of 23 kV was used to sputter ions from selected slightly elliptical (~20 µm-long) areas of the gold-coated sample. Before each analysis, the primary beam was rastered over a square area of 25 × 25 µm 2 around the spot for 150 seconds to remove the gold coating and minimise surface contamination. Contamination was further discriminated against by use of a field of view on the sample (as determined by the field aperture and transfer magnification settings) of ~30 µm, i.e. smaller than the presputtered area. Following the pre-sputter, the 10 kV secondary ion beam was centred in the field aperture, its energy optimised in the 45 eV energy window, and the mass calibration adjusted using the 11 B + signal. Secondary ions were measured over 60 cycles through the mass stations 9.33 (background, 2 s integration), 10 B+ (8 s), 11 B + (4 s) and 30 Si 2+ (matrix, 2 s), using a low-noise (<0.005 cps) ion-counting electron multiplier. The assigned mass resolution (m/Δm) of 3003 was sufficient to eliminate the isobaric interference of 10 B 1 H + on 11 B + .
The phengite reference material MVJ84-29-1 (δ 11 B = -9.0 ± 0.9 ‰; [B] = 87 ppm ; Harlow 1994; Martin et al., 2015) , obtained from phengite-albite rocks in the Motagua Valley, SE Guatemala, was used. Analyses of this material were interspersed at regular intervals during the analytical session, along with analyses of the NIST SRM 610 glass reference material, which was used to monitor ratio drift. To assess orientation effects, grains of MVJ84-29-1 phengite were mounted with the c-axis parallel and perpendicular to the polished surface. We obtained δ 11 B values of -9.8 ± 0.8 ‰ and -8.2 ± 0.8 ‰ for repeated c-parallel andperpendicular analyses, respectively. Because the crystallographic orientation of biotite inclusions in zircon could not be determined, the observed δ 11 B difference between crystallographic orientations was propagated in quadrature as additional uncertainty for all analyses. Phengite Phe80-03 (-14.8 ± 2.8 ‰; Pabst et al., 2012) was analysed during the course of our analytical session to assess accuracy. A weighted mean δ 11 B value of -16.6 ± 2.9 ‰ (n = 15) was obtained, which indicates accuracy within external reproducibility (Table S-4). All B data for biotite inclusions is provided in Table S-5. 
Sample Name δ 11 B (‰) 2σ
Phe80-03 (phengite; -14.8 ± 2.8 ‰; Martin et al., 2015) Phe80-03 (1 
Bulk analysis of biotite and rock
Biotite separates were prepared from crushed Isua samples 070026 and 070027. The grains were separated by magnetic separation and hand-picking under a binocular microscope. Aliquots of approximately 100 mg of biotite and whole rock powder (Aliquot C) were sintered at 490°C in glassy carbon crucibles in a muffle furnace together with Na2O2 powder at Lamont-Doherty Earth Observatory (Kleinhanns et al., 2002; Cai et al., in prep.) . The sintered cakes were cooled down and reacted with de-ionised H2O to form a suspension. In this suspension, most of the cationic species precipitated as hydroxides, whereas a few water-soluble hydroxides, including B(OH)3 and NaOH, remained in solution. This solution was centrifuged and only the supernatant was processed for B concentration. Boron was separated using Amberlite boron-specific ion-exchange resin following procedures modified from Hemming and Hanson (1994) at the Department of Geosciences, Stony Brook University. The B solutions were analysed by MC-ICPMS using a Nu Instruments Plasma II at the Facilities for Isotope Research and Student Training (FIRST), Stony Brook University. International rock reference materials were also processed, yielding values that correspond to those published (Table S-6). Generally, less than 1 ppm Na remained in the B solution after chemistry. Doping with up to 480 ppm Na in purified seawater show no deviation from expected values (Table S-6). All data for TTG whole rocks are included in Table S -5. 
Boron isotope fractionation between biotite and melt
Reconstructing bulk-rock δ 11 B from biotite δ 11 B data requires quantification of the isotope fractionation between biotite and remaining melt (Tonarini et al., 2003) . Values for the isotope fractionation factor F, defined here as ( 11 B/ 10 B)matrix / ( 11 B/ 10 B)biotite, were experimentally determined to be 1.0027-1.0065 for melts with compositions similar to, or more evolved than, TTG crystallizing at 750-850°C (Tonarini et al., 2003) . In these experiments and in most magmatic rocks, biotite is a minor phase and B partition coefficients for biotite are 0.01 or less. This validates the assumption that, in terms of B concentration and δ 11 B, the melt was similar to the bulk rock minus biotite. On the basis of this assumption, F was quantified for TTG by comparing B isotope data for bulk-rock and multi-grain biotite separates from the IGB tonalite samples, as determined by MC-ICPMS. Assuming a setting of deep crustal melting, the solidus temperature for such rocks, and the temperatures for which this factor would apply, would be c. 800 °C (Moyen, 2011) . The maximum value of F was determined to be 1.0036 ± 0.0006, which is within the range of values determined experimentally at similar crystallization temperatures for rocks that are similarly or more felsic than TTG lithologies (Tonarini et al., 2003) . The δ 11 B value of biotite thus is equal to, or up to 3.5 ‰ higher than that of the melt.
Trace-element analysis
Boron concentrations were determined by isotope dilution analysis. The samples were pulverised using an agate mortar and pestle. Approximately 200 mg of whole-rock powder (Aliquot A) was subjected to flux fusion dissolution by adding approximately 800 mg of Na2O2 powder (Sigma Aldrich® reagent grade granular, +140 mesh particle size > 97 % purity) and heating to 490°C in glassy carbon crucibles in a muffle furnace at Stony Brook University. These sintered cakes were allowed to cool down and react completely with de-ionised H2O. Any precipitated Fe-hydroxides were re-dissolved by adding concentrated HCl in small amounts until all the precipitate was dissolved and NaCl salts began forming (modified from Meisel et al., 2001) . A small amount of deionised H2O was then added to the solution to dissolve those salts. Once the solution was completely clear, it was centrifuged and an aliquot was processed for B concentration analysis. Each aliquot of sample solution was spiked with a weighed quantity of NBS-952, which has a known non-natural 10 B/ 11 B value of 0.0532. These solutions were then agitated for several hours prior to B separation chemistry to ensure sample-spike equilibration. The purified spiked B solutions were also analysed for isotope compositions on a Nu Plasma II multi-collector inductively coupled plasma mass spectrometry (MC-ICPMS) instrument. Reference materials BCR-1 (3.3 ± 0.2 ppm; Makashima et al., 1997) and JB-3 (20.9 ± 0.4 ppm, Makashima et al., 1997) were analysed to monitor accuracy, yielding 3.6 ± 0.6 ppm and 20.2 ± 1.7 ppm, respectively.
Concentrations of other trace-elements were measured separately. Trace-element data for the Isua, Acasta and Bastar samples were presented previously (Naeraa et al., 2012; Sprung et al., 2016; Maltese et al., 2017) . For trace-element analysis of the TTG samples from the Tartôq Greenstone Belt, approximately 100 mg of rock powder (Aliquot B) was digested with HF-HNO3 (5:2) in screw-top PFA ® beakers placed in Teflon © inside a steel-jacketed Parr digestion vessel and kept at 180 °C for 5 days. The equilibrated solutions were dried down, dissolved in 10 mL 6N HCl, diluted 5,000×, and analysed using a ThermoFinnigan Element2 ICPMS instrument. Admixed 115 In was used as internal standard. External normalization was done on the basis of analyses of the BHVO-1 basalt reference material bracketing each group of 3 samples. The data were normalised to Primitive Mantle (Hofmann, 1988) . All data are provided in Figs. 1 and S-1, and 
Zircon U-Pb chronology
Zircon U-Pb dating was done on samples from the Acasta Gneiss Complex and the Tartôq Greenstone Belt; zircon U-Pb data for the samples from Isua and the Bastar Craton were previously published (Sprung et al., 2016; Maltese et al., 2017) . Zircon grains were separated from the rocks through crushing, followed by heavy liquid (CH3I) and magnetic separation. Selected grains were mounted in epoxy, polished carefully, and subjected to cathodoluminescence (CL) imaging using a Philips XL30 scanning electron microscope equipped with a Robinson CL detector. For Acasta Gneiss samples, special care was taken to expose inclusions and leave these intact upon removal of surface carbon. Zircon grains or grain domains were then subjected to U-Pb dating by laser ablation inductively coupled plasma mass spectrometry (LA-ICPMS) at the Pacific Centre for Isotopic and Geochemical Research, University of British Columbia, using an ESI NWR193UC ArF excimer laser ablation system coupled to a Thermo Finnigan Element2 ICPMS instrument. Spots of 25 µm were ablated for 30 s using a laser fluence of approximately 4.5 J/cm 2 and a pulse rate of 6 Hz. The zircon reference material GJ-1 (Jackson et al., 2004) was used as a primary reference material. All data were reduced following a protocol outlined by Kooijman et al. (2012) , which employs intercept-based corrections for time-dependent Pb/U fractionation during analysis (Sylvester and Ghaderi, 1997) . Corrections for inherited Pb were done using the Pb-evolution model of Stacey and Kramers (1975) . Accuracy was monitored through repeated analyses of the FC-1 zircon (1,099.0 ± 0.6 Ma; Paces and Miller, 1993) . We obtained 1,107 ± 17 Ma (MSWD = 1.05, n = 21; data provided in Table S -8) for this reference material through the course of our analytical sessions, demonstrating accuracy within acceptable levels of 1 %RSD or better. Analytical uncertainty equivalent to the external reproducibility of repeated analyses of the primary reference material GJ-1 was propagated. Concordia diagrams and weighted mean ages were obtained using ISOPLOT v. 3.27 (Ludwig, 2003) . All U-Pb data are provided in the Figures  S-4 and S-5, and in 
